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a b s t r a c t
Earthquake size–frequency distributions commonly follow a power law, with the b value often used to
quantify the relative proportion of small and large events. Laboratory experiments have found that the b
value of microfractures decreases with increasing stress. Studies have inferred that this relationship also
holds for earthquakes based on observations of earthquake b values varying systematically with faulting
style, depth, and for subduction zone earthquakes, plate age. However, these studies are limited by small
sample sizes despite aggregating events over large regions, which precludes the ability to control for
other variables that might also affect earthquake b values such as rock heterogeneity and fault roughness.
Our natural experiment in a unique seaﬂoor laboratory on Axial Seamount involves analyzing the size–
frequency distribution of ∼60,000 microearthquakes which delineate a ring-fault system in a 25 km3
block of crust that experiences periodic tidal loading of ±20 kPa. We ﬁnd that above a threshold stress
amplitude, b value is inversely correlated with tidal stress. The earthquake b value varies by ∼0.09 per
kPa change in Coulomb stress. Our results support the potential use of b values to estimate small stress
variations in the Earth’s crust.
© 2019 Elsevier B.V. All rights reserved.

1. Introduction
Earthquake occurrence is primarily controlled by the stress
state on fault interfaces. Because in situ stress measurements are
diﬃcult to obtain, a proxy for estimating the stress state of fault
zones through their seismic cycles is valuable for understanding
earthquake occurrence and forecasting earthquakes. Earthquakes
follow a power-law size–frequency distribution given as log10 ( N ) =
a − bM, where N is the number of earthquakes greater than or
equal to magnitude M, and a and b are constants (Gutenberg and
Richter, 1944). The value a describes the total number of earthquakes while the b value describes the relative frequency of small
and large magnitude earthquakes. In rock fracture experiments,
acoustic emissions from small cracking events follow the same
power-law size distribution (Scholz, 1968). Furthermore, their b
values have been found to decrease (larger proportion of large
events) with increasing differential stress (Scholz, 1968; Amitrano,
2003; Goebel et al., 2013).
The same stress dependence of b value has been inferred to apply to earthquakes. The b value of earthquakes has been found to
vary systematically with faulting style (Schorlemmer et al., 2005),
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depth (Spada et al., 2013), and for subduction zone earthquakes,
plate age (Nishikawa and Ide, 2014). These observations are consistent with the earthquake b value decreasing with increasing
differential stress (Scholz, 2015). However, these studies were restricted to using minimum bins of as few as 50 to 200 earthquakes
to calculate the b values, which is barely a large enough sample
size to even establish the existence of a power-law distribution
(Stumpf and Porter, 2012). In addition, these studies had to aggregate events over large regions and thus were unable to control for
other variables that might also affect earthquake b values such as
rock heterogeneity (Mori and Abercrombie, 1997) and fault roughness (Goebel et al., 2017). Establishing whether earthquake b value
varies systematically with stress is critical for demonstrating its
potential use as a stress meter in the Earth’s crust which could
help improve forecasting of large earthquakes (Schorlemmer and
Wiemer, 2005; Nanjo et al., 2012; Gulia et al., 2016) and volcanic
eruptions (Kato et al., 2015).
Tidal forcing on the Earth produces periodic stress changes on
the order of several kPa. Studies to establish a correlation between
global earthquake rate and tidal stress changes have produced
equivocal results (e.g. Emter, 1997, and references therein) with
mainly negative results in continental regions (Vidale et al., 1998;
Wang and Shearer, 2015). However, Cochran et al. (2004) found
statistically-signiﬁcant tidal triggering for shallow, subduction-zone
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Fig. 1. Locations of ∼35,000 earthquakes above M c = 0.1 between January 22nd and April 23rd 2015. (a) Bathymetric map with earthquake epicenters (grey dots), seismometers (black ﬁlled squares), caldera rim (black line), and the cross section shown in (b) (black dashed line). Inset shows regional location of Axial Seamount. (b) Depth
cross-section across the caldera showing the projected earthquake locations within 0.5 km of the proﬁle. (For interpretation of the colors in the ﬁgure(s), the reader is
referred to the web version of this article.)

thrust earthquakes where stress changes due to ocean tidal loading can be an order of magnitude larger than the solid earth tides.
Even stronger tidal triggering of earthquakes (Wilcock, 2001; Tolstoy et al., 2002; Stroup et al., 2007) that weakens post-eruption
(Wilcock et al., 2016; Tan et al., 2018) has been documented at
mid-ocean ridges. For instance, at Axial Seamount which is located at the intersection of the Juan de Fuca Ridge and the Cobb–
Eickelberg hotspot, earthquakes occur preferentially during low
ocean height (Tolstoy et al., 2002; Wilcock et al., 2016). Scholz et
al. (2018) recently demonstrated that the exponential increase in
seismicity rate with tidal stress at Axial Seamount agrees with predictions of both rate-state and stress corrosion theories (Scholz et
al., 2018, Fig. 5), and the long-documented high sensitivity can be
explained by the shallow depths of the earthquakes.
As part of the Ocean Observatory Initiative (OOI), a cabled
seismic network was installed on the summit of Axial Seamount
(Fig. 1a) with time-corrected seismic data streaming from late January 2015 (Wilcock et al., 2016). In the three months before the
volcano erupted in April 2015, ∼60,000 earthquakes were located
using the double-difference method (Waldhauser and Ellsworth,
2000). The earthquakes delineate an outward-dipping ring-fault
system that extends to ∼2-km depth (Wilcock et al., 2016) (Fig. 1).
The large number of events located within a small region, combined with the earthquakes’ sensitivity to tidal stress perturbations
(Wilcock et al., 2016; Scholz et al., 2018), make this an excellent
natural laboratory to study how the earthquake b value relates to
stress changes.
2. Methods

earthquake catalog, including the moment magnitudes (M W ) estimated following Tréhu and Solomon (1983), has been previously
published (Wilcock et al., 2016).
2.2. b value
We estimate the b values using the maximum likelihood
method (Aki, 1965), accounting for the use of binned magnitudes
(Utsu, 1966):

b=

log10 e



M̄ − M c − 2M

,

(1)

where M c is the magnitude of completeness of the data set, M̄
is the mean magnitude of earthquakes with magnitude ≥ M c , and
 M is the binning interval of the magnitude, which is 0.1 in this
study. We estimate the standard deviation of the b value estimate
following Shi and Bolt (1982):
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where n is the sample size. We quantify the signiﬁcance of the b
value difference between two groups of earthquakes using Utsu’s
test (Utsu, 1992):


p ≈ exp

− A I C
2


−2 ,

(3)



2.1. Earthquake catalog
In the ﬁrst year of operation, ∼70,000 earthquakes were located
by the OOI Axial seismic network (Wilcock et al., 2016). In the
three months before the volcano erupted, the majority of the composite focal mechanisms determined showed normal or obliquenormal sense of motion. During the one-month-long eruption period, the slip direction was reversed as the volcano deﬂated (Levy
et al., 2018). After the eruption, the seismicity rate decreased substantially (Wilcock et al., 2016, 2018) with the focal mechanisms
suggesting heterogeneous fault slip directions (Levy et al., 2018).
Therefore, in this paper, we only examine the ∼60,000 earthquakes
that occurred in the three months before the volcano erupted. The

 A I C = −2( N 1 + N 2 ) ln( N 1 + N 2 ) + 2N 1 ln N 1 +

+ 2N 2 ln N 2 +

N 1 b2
b1


− 2,

N 2 b1



b2
(4)

where p is the probability that the two groups of earthquakes are
drawn from the same population, AIC is the Akaike’s information
criterion, N 1 and N 2 are the number of earthquakes, and b1 and
b2 are the estimated b values of the two groups of earthquakes.
We also compare the b value difference between two groups with
their standard deviations (Kagan, 1997):
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b1 − b2
z= 
.

(5)
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The null hypothesis that two b values come from the same population can be rejected at the 95% conﬁdence level if z exceeds 1.96
and at the 99% conﬁdence level if z exceeds 2.58.
2.3. Magnitude of completeness
We ﬁrst estimate the magnitude of completeness (M c ) of the
catalog using the point of maximum curvature of the frequency–
magnitude distribution (FMD) (Wiemer and Katsumata, 1999),
which is equivalent to ﬁnding the magnitude bin with the highest number of earthquakes in the non-cumulative FMD (Mignan
and Woessner, 2012). We ﬁnd M c = 0.0 (Fig. S1). We then estimate
M c using the goodness-of-ﬁt (GFT) method by comparing observed
and synthetic cumulative FMDs (Wiemer and Wyss, 2000). We calculate synthetic cumulative FMDs using estimated a and b values
of the observed earthquake catalog assuming a range of increasing
cutoff magnitudes M co . The goodness-of-ﬁt is quantiﬁed using the
parameter R:



R M co = 100 − 100

 Mmax
M co

|O i − Si|

 Mmax
M co

Oi



,

(6)

where O i and S i are the observed and predicted number of earthquakes in each magnitude bin. M c is then the ﬁrst M co where
R exceeds a ﬁxed threshold, typically deﬁned at 90% level of ﬁt
(Wiemer and Wyss, 2000) because real catalogs rarely achieve 95%
level of ﬁt (Woessner and Wiemer, 2005). We obtain M c = −0.1
when using a 90% ﬁt threshold and M c = 0.1 when using a 95%
ﬁt threshold (Fig. S1). Finally, we estimate M c base on the b value
stability as a function of assumed cutoff magnitude M co (Cao and
Gao, 2002). M c is the ﬁrst M co at which |bave − b| ≤ δb (Woessner
and Wiemer, 2005), with bave being the mean of the b values estimated for three successive M co (magnitude range of 0.3 since the
bin interval is 0.1) and δb being the standard deviation of the b
value estimate (Shi and Bolt, 1982). We obtain M c = 0.3 (Fig. S1).
The maximum curvature (MAXC) and the GFT-90% methods
can underestimate M c (Woessner and Wiemer, 2005) while the
method based on b value stability (MBS) may overestimate M c
(Mignan and Woessner, 2012). Therefore, in this study, we adopt
M c = 0.1 from the GFT-95% method which leaves us with ∼35,000
earthquakes above M c and an estimated b value of 1.31 ± 0.01.
We also consider the more conservative estimate of M c = 0.3 from
the MBS method, which leaves us with ∼20,000 earthquakes above
M c and an estimated b value of 1.39 ± 0.01. The estimated b values are consistent with previous observations of b > 1 for normal
fault events (Schorlemmer et al., 2005) and in marine volcanic environments (Bohnenstiehl et al., 2008).
2.4. Tidal stress
We estimate the horizontal strains due to body tides using
the SPOTL software which assumes an elastic and spherical Earth
(degree-two Love numbers h = 0.6114, k = 0.3040, and l = 0.0832)
and computes the tidal strains directly from the positions of the
Moon and the Sun (Agnew, 1997). We then calculate the vertical
strain from the horizontal strains assuming a plane stress condition:

−ν
(xx +  y y ),
(7)
1−ν
using Poisson’s ratio ν of 0.23 which is consistent with V P =

zz =

5.4 km/s, V S = 3.2 km/s, and a density of 2800 kg/m3 . The Poisson’s ratio quantiﬁes the effect where a material tends to contract
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along the axes perpendicular to the axis of tensile strain. For the
effects of ocean tidal loading, we ﬁrst obtain the predicted tidal
height for the eight major short-period tidal constituents (K1, K2,
M2, N2, O1, P1, Q1, and S2) using the EOT11a global ocean tidal
model (Savcenko and Bosch, 2012) combined with the Oregon
State University regional ocean tidal model for the west coast of
the United States (Egbert and Erofeeva, 2002) as provided with the
SPOTL software. We then calculate the ocean tidal loading effect in
two parts. First, we estimate the horizontal strains due to variable
regional ocean tidal loading using the SPOTL software, which uses
a mass-loading Green’s function for strain based on the GutenbergBullen Earth model (Agnew, 1997). We then calculate the vertical
strain from the horizontal strains assuming a plane stress condition before converting strains to stresses using elastic constants
consistent with a Poisson’s ratio of 0.23. Secondly, we estimate the
vertical stress perturbation due to direct ocean tidal loading as

σzz = ρ gh,

(8)

where ρ is the density of seawater (1030 kg/m3 ), g is the gravitational acceleration (9.8 m/s2 ), and h is the tidal height relative to
its mean value. We then estimate the horizontal stresses from the
vertical stress assuming uniaxial strain:

σxx = σ y y =

ν
1−ν

σzz .

(9)

Finally, we combine the various tidal stress components to form
the stress tensor. We ﬁnd that at Axial Seamount, ocean tides
are much larger than body tides and hence the vertical tidal
stress dominates (Fig. S2). We calculate the tidal-stress time series in 5-minute intervals. We assume the stresses estimated at the
seaﬂoor applies to the earthquake source region because the tidal
wavelengths are very long compared to the earthquake depths of
mostly less than 2 km (Fig. 1b). We do not account for the effect
of bathymetry in our tidal stress calculations. The bathymetry only
varies by less than 200 m around our earthquake epicenter region
(Fig. 1a) and while it might affect the absolute value of our tidal
stress estimates, the relative difference in tidal stress at different
times is expected to still be valid.
We assume the earthquakes are predominantly normal faulting
events since the ring-fault system appears to have accommodated
pre-eruptive inﬂation (Wilcock et al., 2016), 79% (31 of 39) of
the composite focal mechanisms determined before the eruption
based on ﬁrst-motion polarity showed normal or oblique-normal
sense of motion (Levy et al., 2018), and this is a region of tectonic
extension. This initially seems to contradict the well-documented
preferential occurrence of earthquakes during low ocean height
at Axial Seamount (Tolstoy et al., 2002; Wilcock et al., 2016) because a decrease in ocean height (increase in tensile vertical stress)
should produce a Coulomb stress change that inhibits slip on normal faults. However, Scholz et al. (2018) resolved this apparent
paradox by accounting for the effect of the underlying magma
chamber on the stress distribution. The higher compressibility of
the magma chamber means that it will inﬂate or deﬂate relative
to the surrounding crust in response to tidal stresses and produce
Coulomb stress changes on the fault that is opposite in sign as
those produced directly by the tidal stresses (Scholz et al., 2018,
Fig. 3). When the magma chamber bulk modulus is below a critical value, the magma chamber effect will exceed that of the direct
tidal stress effect and the phase of the tidal triggering gets inverted
(Scholz et al., 2018, Fig. 4), as observed at Axial Seamount. Since
the vertical tidal stress dominates at Axial Seamount (Fig. S2) and
the average Coulomb stress change on the fault can be approximated as C F S = χ σzz with χ dependent on the magma chamber
bulk modulus (Scholz et al., 2018), we will focus on variations in
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Fig. 2. The earthquake b value as a function of tidal stress. The vertical error bars represent two standard deviations of the estimated b values (Shi and Bolt, 1982). The
horizontal bars represent the range of earthquake tidal stress values included in each bin, with the markers centered at the mean earthquake tidal stress for each bin.
(a) Using M c = 0.1. Non-overlapping bins of 2,000 events (gray) as well as moving bins of 10,000 events shifted by 5,000 events (black). (b) Using M c = 0.3. Non-overlapping
bins of 2,000 events (gray) as well as moving bins of 5,000 events shifted by 2,500 events (black).

Fig. 3. The earthquake b values for non-overlapping stress bins of 2 kPa. The vertical error bars represent two standard deviations of the estimated b values from bootstrapping.
The horizontal bars represent the tidal stress range for each bin. Dashed lines represent linear least-squares ﬁts, both giving b value varying by ∼0.03 per kPa. (a) Using
M c = 0.1. (b) Using M c = 0.3.

vertical stress due to the combined effects of ocean tidal loading
and body tide. We adopt tension as positive and an increase in vertical stress represents an increase in encouraging stress (Coulomb
stress change that favors slip on normal fault). The vertical tidal
stress has estimated amplitudes of ±20 kPa (Fig. S2).
3. Results
We assign each earthquake a tidal stress value based on its origin time. After sorting the earthquakes based on their associated
tidal stress values, we calculate the b values for non-overlapping
bins of 2,000 events. When using M c = 0.1, we also calculate the
b values for moving bins of 10,000 events, shifted by 5,000 events.
When using M c = 0.3, we calculate the b values for moving bins of
5,000 events, shifted by 2,500 events. For each bin, we re-estimate
M c using the GFT-95% method and only keep the data point if the
re-estimated M c equals the M c of the bulk data. Only 3 out of 40
data points did not fulﬁll the criteria. We ﬁnd that the earthquake
b value only decreases systematically with increasing tidal stress
when stress amplitudes exceed a certain threshold (Fig. 2).
We further investigate the relationship between b value and
tidal stress by looking at how the b value varies between ﬁxed
stress bins. We calculate the b values for non-overlapping bins of
2 kPa for stress values between −10 and 16 kPa. We pick this
range because it incorporates ∼92% of the earthquakes (Fig. S3)
and allows us to use a reasonably large number of events per

stress bin. The number of events vary between stress bins (Fig. S3)
so we adopt the following strategy to maintain consistency: For
each stress bin, we estimate 1,000 b values using events randomly
drawn with replacement from the earthquake population. When
using M c = 0.1, we draw 1,300 events for each b value calculation
because the stress bin with the smallest number of events contains
∼1,300 earthquakes (Fig. S3). When using M c = 0.3, we draw 700
events for each b value calculation. The reported b value is then
the average b value from the bootstrapping. We ﬁnd that at low
stress values, the b values are high but remain relatively constant.
However, at stress amplitudes greater than 5 kPa, the earthquake
b value decreases linearly with increasing tidal stress at ∼0.03 per
kPa (Fig. 3).
We test the statistical signiﬁcance of the b value variations as
follows: Using M c = 0.3, we sort the earthquakes based on their
associated tidal stress values before splitting them into two equalsize groups. The lower tidal stress group has a mean stress of
−1 kPa while the higher tidal stress group has a mean stress
of 11 kPa. We further veriﬁed that the lower and higher tidal
stress groups both have M c = 0.3. We then plot the cumulative
and non-cumulative FMDs. The cumulative FMD curves show increasing separation at larger magnitudes. The non-cumulative FMD
curves intersect at around M w = 0.5 (Fig. 4). These results show
that the slopes of the FMD curves for the lower tidal stress group
is steeper (larger b value) than that of the higher tidal stress group.
The lower tidal stress group has a b value of 1.46 ± 0.01 while the
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Fig. 4. Cumulative (circle) and non-cumulative (triangle) FMDs of two groups of earthquakes. Dashed lines indicate maximum-likelihood ﬁts to the data. (a) Using M c = 0.3,
the ∼20,000 earthquakes are split into two equal-size groups after being sorted based on their tidal stress values. The lower tidal stress group (blue) has a mean stress of
−1 kPa while the higher tidal stress group (red) has a mean stress of 11 kPa. (b) Zoom-in of (a).

higher tidal stress group has a b value of 1.33 ± 0.01. We obtain
similar b values and standard deviations from bootstrapping. The
b value difference between the two groups are statistically signiﬁcant at a <1% level based on both the Utsu’s test (Utsu, 1992) and
the z-test (see Methods).
The FMD curves deviate from linearity at large magnitudes. This
could reﬂect a real departure from the power law distribution at
large magnitudes or simply statistical ﬂuctuations due to undersampling. To quantify how this affects our results, we repeat the b
value calculations after excluding earthquakes of M w greater than
1.5 where the FMD curves become nonlinear (Kagan, 1997) (Fig. 4).
The lower tidal stress group now has an estimated b value of 1.53
± 0.01 while the higher tidal stress group has an estimated b value
of 1.40 ± 0.01. The b value difference between the two groups
remains statistically signiﬁcant at a <1% level based on both the
Utsu’s test (Utsu, 1992) and the z-test. We also repeat the analysis shown in Fig. 3 and while the absolute b values become larger,
we obtain similar trends with the earthquake b value decreasing
linearly with increasing tidal stress at ∼0.03 per kPa when stress
amplitude exceeds 5 kPa (Fig. S4). This is unsurprising because
the maximum-likelihood estimate of the b value uses the average earthquake magnitude (Eq. (1)) and is therefore only slightly
affected by the small number of large magnitude events.
We further veriﬁed that the minimum bin sizes often used to
document b value variations (Schorlemmer et al., 2005; Spada et
al., 2013; Nishikawa and Ide, 2014) are insuﬃcient to robustly constrain our observed effect. We determine the minimum bin size
needed to resolve the b value variations we observe as follows:
Using M c = 0.3, we sort the earthquakes based on their associated
tidal stress values and split them into two equal-size groups (see
Fig. 4). For a range of bin sizes, we then calculate 1,000 b values using events randomly drawn without replacement from the original
population. The reported b value is then the average b value from
the bootstrapping with the associated uncertainties (Fig. 5). For
the b value difference between the lower and higher tidal stress
groups to be statistically signiﬁcant at a <5% and <1% level based
on the Utsu’s test (Utsu, 1992), we need minimum bin sizes of
900 and 1,600 respectively. For the b value difference between the
two groups to be statistically signiﬁcant at a <5% and <1% level
based on the z-test, we need minimum bin sizes of 800 and 1,300
respectively.
In multiple continental regions, earthquake b values have been
found to decrease with increasing depth which has been interpreted as the result of increasing crustal strength (Spada et al.,

2013) and material homogeneity (Mori and Abercrombie, 1997)
with depth. We similarly ﬁnd that at Axial Seamount, the earthquake b value decreases with increasing depth (Fig. S5). Therefore,
our observation of b value decreasing with increasing tidal stress
could simply reﬂect the average earthquake depth increasing with
tidal stress. While the Chi-squared test suggests the earthquake
depth distributions of the lower and higher tidal stress groups
come from two different populations, the depth difference is such
that the mean and median depths of the higher tidal stress group
is shallower by ∼18 m and ∼16 m respectively. We also ﬁnd that
the mean and median earthquake depth decrease with increasing
tidal stress (Fig. S6). Since b value decreases with increasing depth,
this change in depth distribution would have resulted in b value
increasing with tidal stress. Therefore, our observation of earthquake b value decreasing with increasing tidal stress is unlikely to
be a secondary effect of change in earthquake depth distribution
with tides.
The earthquake spatial distribution of the lower and higher
tidal stress groups also differs slightly, with relatively more events
on the western and northeastern walls of the caldera for the lower
tidal stress group (Fig. S7). We verify that the b value variation
with tidal stress that we observe is still valid at smaller spatial
scale as follows: We ﬁrst bin the earthquakes into 1 km2 spatial
grids and ﬁnd that there are ﬁve bins with more than 1,000 events
(Fig. S7c). For each of these ﬁve bins, we sort the earthquakes base
on their tidal stress values and split the events into two equal-size
groups. We ﬁnd that for four out of the ﬁve bins, the b value of
the lower tidal stress group is larger than the higher tidal stress
group. However, the statistical signiﬁcance of the b value differences is not guaranteed by the Utsu’s (Utsu, 1992) and z-test due
to the small number of events in each bin.
4. Discussions
Scholz (2015) calibrated the stress dependence of earthquake b
values assuming a simple frictional strength model combined with
measurements of b value variation with depth at different tectonic
environments (Spada et al., 2013) and found that b value varies by
∼0.001 MPa−1 . Our analysis suggests that earthquake b value at
Axial Seamount varies by ∼0.03 kPa−1 (Fig. 3). In a recent tidal
triggering study at Axial Seamount, Scholz et al. (2018) modeled
the average Coulomb stress change on the 67◦ outward-dipping
normal faults (Levy et al., 2018) (Fig. 1) due to vertical tidal stress
changes as C F S = χ σzz , with χ = 0.32 for a realistic magma
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Fig. 5. The estimated earthquake b values for the lower (blue) and higher (red) tidal
stress groups as a function of bin sizes. For each bin size, we calculate 1,000 b
values using events randomly drawn without replacement from the original population. The reported b value is then the average b value from the bootstrapping. The
vertical error bars represent two standard deviations.

chamber bulk modulus of 1 GPa. Adopting χ = 0.32 would give us
a b value change of ∼0.09 kPa−1 of Coulomb stress change. Our
observation of b value variation that is sensitive to small stress
perturbations (∼105 more sensitive compared to Scholz (2015)) is
consistent with the long-documented observations of strong tidal
triggering of earthquakes at Axial Seamount (Tolstoy et al., 2002;
Wilcock et al., 2016) and other mid-ocean ridges (Wilcock, 2001;
Stroup et al., 2007). Scholz et al. (2018) demonstrated that the seismicity rate change with tidal stress at Axial Seamount agrees with
predictions of both rate-state and stress corrosion theories, and
that the higher sensitivity can be explained by the shallow depths
of the earthquakes (and hence the corresponding lower normal
stress and stress drop values). The same explanation could apply to
our observations since laboratory experiments previously showed
that b value variations depend on stress normalized to the maximum failure strength (Scholz, 1968). Our observed greater sensitivity is also consistent with observation of the b value of acoustic
emissions in the laboratory varying with tidal stress (Iwata and
Young, 2005).
While our calibrated b value change with stress cannot be directly applied to other tectonic environments as most catalogued
earthquakes occur at deeper depths, a sensitivity that is greater
than 0.001 MPa−1 (Scholz, 2015) could explain observations of b
value decreasing preceding large earthquakes (Nanjo et al., 2012)
and volcanic eruption (Kato et al., 2015). Otherwise, these observations would represent stress changes on the order of 100 MPa
in the decades before the Tohoku and Sumatra earthquakes (Nanjo
et al., 2012) and weeks before the Mount Ontake eruption (Kato et
al., 2015). Alternatively, these documented b value decreases might
not have resulted from stress increases. Based on epidemic-type
aftershock sequence (ETAS) modeling, Helmstetter et al. (2003)
suggested that such b value decreases can emerge simply from
conditioning of the seismicity having to culminate in a mainshock,
which results in there being a growing contribution of a deviatoric
power law distribution with a smaller b value to the background
unconditional distribution. At Axial Seamount, Bohnenstiehl et al.
(2018) did not observe a systematic decrease in b value leading up
to the April 2015 eruption. Wilcock et al. (2016) similarly did not
observe the tidal triggering signal or the seismicity rate increasing
leading up to the eruption. Therefore, the presumed stress accumulation in the three months before the volcano erupted might be
too small to be detected with the current dataset.
Our observed stress dependence of earthquake b values can
be understood within the same statistical model ﬁrst proposed to
explain why the b values of microfractures in laboratory experiments vary with stress (Scholz, 1968). If we treat the Earth’s crust

as an inhomogeneous elastic medium experiencing a uniform applied stress, the presence of inhomogeneities means that the stress
at each point within the crust is a random variable that follows
a probability distribution function that depends on the uniform
applied stress. If we further assume that at each point, fracture
will occur if the local stress exceeds a critical value and that fractures stop growing when they propagate into a region of lower
stress, it follows that a fracture has a higher probability of growing larger when the applied stress is greater (Scholz, 1968). This
translates to a decrease in b value with increasing stress. However,
the threshold effect that we observe is not well-explained by this
model. Nevertheless, a similar threshold effect is often discussed
for earthquake triggering from stress changes (Roy and Marone,
1996; Hardebeck et al., 2003) with the stress threshold being dependent on the fault stiffness (Roy and Marone, 1996).
A recent study using global data hinted at a b value-tidal stress
correlation, as earthquake b values were found to decrease with
increasing tidal shear stress ranking, where an earthquake’s ranking is based on the maximum tidal shear stress during the day
before the earthquake relative to the daily maxima in the 15 days
before the earthquake (Ide et al., 2016). However, the relationship
was not clear for earthquakes smaller than M w 6.5 when looking
at the Global Centroid Moment Tensor catalogue, potentially due
to aggregating events of various faulting styles in diverse tectonic
regimes (Ide et al., 2016). Due to the lack of a strong correlation between global seismicity rate and tidal stress changes (e.g.
Emter, 1997, and references therein), the authors invoke enhanced
slow slip during increased tidal stresses that subsequently triggers
earthquakes and increases the probability of rupture growth (Ide et
al., 2016). However, at Axial Seamount, the sensitivity of the earthquakes to small tidal stress changes (Tolstoy et al., 2002; Wilcock
et al., 2016) can be simply explained by the shallow depths of the
earthquakes (Scholz et al., 2018) without invoking the existence of
slow slip.
5. Conclusions
Our natural experiment in a unique seaﬂoor laboratory, looking
at the size distribution of earthquakes in a 25 km3 block of crust
that experiences periodic tidal loading, provides a robust validation
of the stress dependence of the earthquake b value. We ﬁnd that
above a certain threshold stress amplitude, the earthquake b value
decreases linearly with increasing tidal stress. The b value varies by
∼0.09 per kPa change in Coulomb stress. This suggests that b value
changes can be used to estimate stress variations in the Earth’s
crust.
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1. Figure S1
Selection of the minimum magnitude of completeness (Mc ). top, Cumulative (triangle) and non-cumulative (circle) frequency-magnitude distributions (FMDs).
Dashed lines depict the Mc estimates based on the MAXC (green), GFT-90% (blue),
GFT-95% (red), and MBS (magenta) methods. middle, Variation of parameter R
used to quantify the goodness-of-fit between observed and synthetic cumulative
FMDs for a range of cutoff magnitudes. Dashed lines depict the 90% (blue) and
95% (red) thresholds. bottom, Variation of the b value for a range of cutoff magnitudes. Dashed line depicts where the b value first stabilizes (see Methods).
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2. Figure S2
Time series of predicted tides at the surface at 45.95◦ N, 130.00◦ W. top, Estimate
of σxx (black), σyy (blue), and σzz (red) from ocean tidal loading, with tension
being positive (i.e. σzz is positive upwards). bottom, Body tides. The stress amplitude is about an order of magnitude smaller than that of ocean tides.
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3. Figure S3
The earthquake tidal stress distribution in bins of 2 kPa for Mc = 0.1 (blue) and
Mc = 0.3 (grey). The distribution reflects the combined effect of seismicity rate
increasing with tidal stress [Scholz et al., 2018] and the uneven distribution of tidal
stress amplitudes.
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4. Figure S4
The earthquake b values for non-overlapping stress bins of 2 kPa. Earthquakes of
Mw greater than 1.5 are excluded. The vertical error bars represent two standard
deviations of the estimated b values from bootstrapping. The horizontal bars represent the tidal stress range for each bin. Dashed lines represent linear least-squares
fits, both giving b value varying by ∼ 0.03 per kPa. a, Using Mc = 0.1. b, Using
Mc = 0.3.
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5. Figure S5
The earthquake b value as a function of depth in non-overlapping bins of 2,500
earthquakes. The vertical error bars represent two standard deviations [Shi and
Bolt, 1982] of the estimated b values. The horizontal bars represent the range of
earthquake depth values included in each bin. Since Mc is expected to vary with
depth, we estimate Mc for different depth ranges using the GFT-95% method before
choosing a fixed Mc = 0.3 to estimate the b values.
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6. Figure S6
a, Cumulative number of events with depth for the lower tidal stress group (blue)
and higher tidal stress group (red) (see Fig. 4). b, Mean (circle) and median (triangle) earthquake depth for non-overlapping stress bins of 4 kPa.
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7. Figure S7
The normalized earthquake spatial distribution in 1 km2 grids for a, lower tidal
stress group and b, higher tidal stress group (see Fig. 4). c, The earthquake spatial
distribution in 1 km2 grids for all events above Mc = 0.3. Only grids containing
more than 1,000 events are shown.
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